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Abstract
A coupled general circulation model has been used to perform a set of experi-
ments with high CO2 concentration (2, 4, 16 times the present day mean value). The
experiments have been analyzed to study the response of the climate system to strong
radiative forcing in terms of the processes involved in the adjustment at the ocean-
atmosphere interface. The analysis of the experiments revealed a non-linear response
of the mean state of the atmosphere and ocean to the increase in the carbon dioxide
concentration. In the 16xCO2 experiment the equilibrium at the ocean-atmosphere
interface is characterized by an atmosphere with a shut off of the convective precipi-
tation in the tropical Pacific sector, associated with air warmer than the ocean below.
A cloud feedback mechanism is found to be involved in the increased stability of the
troposphere. In this more stable condition the mean total precipitation is mainly due to
large-scale moisture flux even in the tropics. In the equatorial Pacific Ocean the zonal
temperature gradient of both surface and sub-surface waters is significantly smaller
in the 16xCO2 experiment than in the control experiment. The thermocline slope and
the zonal wind stress decrease as well. When the CO2 concentration increases by
about two and four times with respect to the control experiment there is an intensifi-
cation of El Nin˜o. On the other hand, in the experiment with 16 times the present-day
value of CO2, the Tropical Pacific variability weakens, suggesting the possibility of
the establishment of permanent warm conditions that look like the peak of El Nin˜o.
1
1 Introduction
The XX century has been characterized by an increase of the global mean temperature, as reported
from the Intergovernmental Panel on Climate Change (IPCC, 1995, 2001). The general warming
has been mainly attributed to the increase of the greenhouse gases (GHGs) concentration of the
last decades. In the atmosphere, the increase in CO2 concentration and the associated increase in
global temperature is accompanied by an increase in water vapor concentration both at low and
high levels (Trenberth et al., 2007). When the surface warms, the water vapor concentration in the
lower troposphere increases consistently with the Clausius-Clapeyron equation and fixed relative
humidity (e.g. Manabe and Wetherald, 1967; Held and Soden, 2006).
The concept of climate sensitivity, defined as a measure of a model’s temperature feedback to
external radiative forcing (IPCC, 2001), assumes that climate response is approximately propor-
tional to radiative forcing. However, yet not much is known about the range of forcing under
which such a view is reasonable. Strong radiative forcing applied to a global coupled climate
model suggested the possibility of a runaway greenhouse effect, with the climate system far from
an equilibrium in the neighbourhood of the current climate (Boer et al., 2005). Furthermore, cli-
mate response to strong forcing regimes may also represent a framework for the development of
some paleoclimate applications.
The regulation of the tropical climate involves the coupling between large-scale circulation and
local environment (Wallace, 1992; Pierrehumbert, 1995) as well as the ocean dynamics (Clement
et al., 1996). However, changes in shortwave cloud forcing, through the thermostat mecha-
nism (Ramanathan and Collins, 1991, 1992) and evaporation (Wallace, 1992) are negative feed-
backs efficient in limiting SSTs in the warm pool region. In the Equatorial Pacific Ocean the
interaction between convection and large-scale circulation is needed to explain the relationship
between latent heat flux and SST (Zhang and McPhaden, 1995). Among the IPCC AR4 assess-
ment, water vapor has been identified as the largest positive feedback acting in future climate
change scenarios (Soden and Held, 2006).
Changes in the distribution of the large-scale heating could substantially affect the large-scale
extra-tropical, as well as the tropical, circulation (Knutson and Manabe, 1995). Observations
trends as well as model projections evidenced a weakening of the Walker circulation due to an-
thropogenic forcing increase (e.g. Houghton et al., 2001; Vecchi et al., 2006), thus reducing the
strength of the mean tropical atmospheric circulation.
In the tropics, a weakening of the Walker circulation has been found to be associated with an
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eastward shift of convection over the central equatorial Pacific, a reduction of the sea level pressure
(SLP) gradient across the equatorial Pacific and of the tilt of the equatorial Pacific thermocline, a
shoaling of the thermocline depth in the western Pacific, a preferential warming of SST along the
eastern equatorial Pacific and a weakening of equatorial easterlies, suggesting that a warmer cli-
mate may be associated with reduced zonal gradient conditions (Vecchi and Soden, 2007). How-
ever, the climate conditions induced by an increase in CO2 differs from El Nin˜o pattern as the
warming occurs both in the tropics and extra-tropics and precipitation is increased throughout the
tropics (Knutson and Manabe, 1995). In increased CO2 conditions an enhanced equatorial warm-
ing relative to the sub-tropics associated with surface latent heat flux, shortwave cloud forcing and
surface ocean mixing represents a robust fingerprint to global warming (Liu et al., 2005).
A number of modeling studies revealed that doubling and quadrupliying CO2 concentration
experiments produce an El Nin˜o with a preferred period of 2 years (Knutson and Manabe, 1995;
Collins, 2000; Meehl et al., 2001). Nevertheless, the analysis of ENSO in a changing climate by
means of XX century and future climate scenario experiments revealed contradictory results about
the changes in the El Nin˜o frequency (Capotondi et al., 2006; Meehl et al., 2006; Guilyardi, 2006;
Merryfield, 2006).
The understanding of the processes involved in the climate feedback/sensitivity is crucial to gain
confidence in climate change simulations at any forcing levels (Boer et al., 2005). With the aim
to investigate the response of the climate system to strong forcing in terms of its linearity and of
the feedbacks involved in the ocean-atmosphere adjustments, the SINTEXG CGCM (Gualdi et al.,
2007) has been used to build experiments with modified CO2 conditions. The carbon dioxide con-
centration has been multiplied by a factor of 2, 4 and 16 with respect to the value used in a control
simulation. The analysis performed represents a link between studies focused on the changes of
mean climate to CO2 scenarios (e.g. Vecchi and Soden, 2007) and studies on the response to ex-
treme radiative forcings (e.g. Boer et al., 2005). Specific emphasis has been dedicated to the mean
state and variability of the tropical Pacific sector.
The study is organized as follows: section 2 briefly presents the model used and the experiment
performed. Section 3 describes the main changes of the mean state of the tropical climate induced
by the CO2 increase introduced in the experiments. Section 4 focuses on the mechanisms involved
in the ocean-atmosphere adjustment to explain the changes described in the Tropical Pacific sector.
Section 5 describes the changes occurring in the simulation of the Tropical Pacific variability.
Finally, section 6 collects the main conclusions of the study.
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2 Model experiments and observational datasets
The CGCM used in this study is SINTEXG (Gualdi et al., 2007). It represents the new generation
of the SINTEX CGCM (Gualdi et al., 2003; Guilyardi et al., 2003) where the ocean model is cou-
pled to a sea-ice model. The atmospheric component is Echam4.6, which is parallelized through
the MPI interface. It represents the 4th generation of the ECHAM model developed at the Max-
Planck Institute fu¨r Meteorologie in Hamburg. The resolution used for this analysis is a spectral
T30 horizontal resolution with 3.75◦× 3.75◦ grid-points and 19 vertical sigma levels. A detailed
description of the physics implemented within the atmospheric model is shown by Roeckner et al.
(1996).
The oceanic component is OPA8.2 (Oce`an PAralelise´e), the global ocean general circulation
model developed at LODYC in Paris (Madec et al., 1998). It is a primitive equation model. The
prognostic variables are the three dimensional velocity field and the thermohaline variables. The
distribution of the variables is over a three-dimensional Arakawa-C-type grid and 31 prescribed
vertical levels. The spatial resolution is about 2◦× 2◦, with a meridional resolution of 0.5◦ at
the Equator. Vertical eddy diffusivity and viscosity are computed from a 1.5 closure scheme
which allows an explicit formulation of the mixed layer as well as minimum diffusion in the
thermocline (Blanke and Delecluse, 1993).
The OPA OGCM includes the LIM (Louvain-laneuve sea-Ice systeM) module for the interactive
ice. The LIM model has been developed at the “Institut d’Astronomie et de Geophysique Georges
Lemaıˆtre” (Universite´ Catholique de Louvain). It is a large-scale thermodynamic-dynamic sea-ice
model with 3-layers (one for the snow and two for the ice). The details of the model equations and
parameterizations are described by Fichefet and Morales Maqueda (1999).
The atmospheric and oceanic components are coupled with Oasis2.4 (Valcke et al., 2000). The
air-sea fluxes and the SST are exchanged every 3 hours. No flux corrections are applied to the
coupled model.
A long (300 years of integration) control experiment (CTRL) has been analyzed and compared
with several sensitivity experiments with modified CO2 conditions. In particular, the carbon diox-
ide concentration of the control experiment (mass mixing ratio = 353 ppmV) has been multiplied
by a factor of 2, 4 and 16 to build 2xCO2, 4xCO2 and 16xCO2 experiments, respectively. There
is no gradual ramp up of the forcing in the experiments, as the CO2 increase is applied at the
beginning. The 16xCO2 experiment is 350 years long, while the 2xCO2 and 4xCO2 experiments
are 200 years long, and in all of them only the last 100 years are used for the analysis.
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The coupled model experiments results have been compared with observational datasets, when
available, or with atmospheric reanalysis and ocean analysis. The net surface heat flux is taken
from the observed climatology available from Da Silva et al. (1994). The SST field is taken from
the HadISST dataset (Rayner et al., 2003); while the vertical distribution of the ocean temperatures
comes from an ocean analysis (Masina et al., 2004).
3 Impact of increased CO2 on ocean and atmosphere mean state
The oceans are governed by a balanced heat budget, which is controlled by the heat transport and
the heat fluxes at their surface.
The annual mean heat budget at the ocean surface is shown in fig. 1. It has been computed by
adding the net surface short wave radiation (SWR), the net surface long wave radiation (LWR),
the net surface latent heat flux (LHF) and the net surface sensible heat flux (SHF) over the ocean
grid points. From the observed climatology (fig. 1a), the main regions of ocean heat loss to the
atmosphere are located near the western boundary currents, where the oceans lose heat when cold
dry winds from the continent blow over the warm waters carried by the currents. The main areas of
heat gain are located over the tropical bands of the Pacific and Atlantic Oceans along the eastern
boundary of the ocean basins (fig. 1a). They correspond to up-welling regions where relatively
cold SST does not allow evaporation to balance insolation resulting in a net heat gain. In the con-
trol experiment the features described are realistically simulated (fig. 1b), even if some biases are
present. In particular, the coupled model tends to have less heat loss in the sub-tropics regions in
both hemispheres, and the region of heat gained at the Equator extends too westward with respect
to the observations. The last feature is a consequence of the bias in the simulation of the cold
tongue regime of the SINTEXG coupled model, which was present even in the previous version
of the model (Gualdi et al., 2003). The differences between the perturbed CO2 experiments and
the control experiment reveal that as the CO2 concentration increases there is a drastic decrease
of heat loss near the western boundary currents (fig. 1c-d). In the 16xCO2 experiment the heat
gain decreases at the Equator, while it increases in the band along 10◦N (fig. 1e). In the Atlantic
sector, the 16xCO2 experiment (fig. 1e) has more heat gained at the Equator and less heat loss in
the northern latitudes along the western boundary (i.e. 40◦N). In the Equatorial Indian Ocean, the
departures from the control simulation are positive in the west and negative in the east (fig. 1d-e).
Each component of the surface heat budget has been analyzed as well. The computation of
the global ocean average for each component reveals that an increase in the CO2 concentration
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is accompanied by a decrease of short wave radiation, a decrease of the lost long wave radiation,
a decrease of the sensible heat flux and an increase of the latent heat flux. The changes in the
radiation fluxes are mainly linked to the changes in the cloud cover fraction distribution at low and
high levels. Indeed, in the tropics, the cloud cover fraction increases at low levels and decreases
at high levels (fig. 2). On the other hand, the changes in the latent heat flux as well as the changes
in the sensible heat flux are related to changes in the balance between evaporation, moisture and
air-sea temperature gradient occurring at the surface.
The zonal net surface heat fluxes averaged over the global ocean (fig. 3a) evidence a decrease
in heat gain at the equator together with a decrease of heat loss in the northern extra-tropics. At
the Equator, most of the decrease in heat gain is a contribution from the Pacific Ocean where
the zonal SST gradient is reduced in the 16xCO2 experiment with respect to the control simula-
tion (see also the discussion in the next section). On the other hand in the northern hemisphere
extra-tropics the main contribution to the decreased heat loss is given by the Atlantic Ocean (not
shown). The changes described in the surface heat fluxes are consistent with a changed ocean
heat transport (fig. 3c). In fact, in the northern extra-tropics the decrease of heat loss is associated
with a decreased poleward heat transport, particularly in the North Atlantic. The poleward ocean
heat transport works as a negative feedback on the SST gradient between low and high latitudes.
The Equator to pole SST gradient in the northern hemisphere increases of about 1◦ and 2◦C in
the 2xCO2 and 4xCO2 experiments respectively, while it decreases of about 1◦C in the 16xCO2
experiment (fig. 3b). In the atmosphere (fig. 3d) the main differences in the meridional heat trans-
port (computed as
[
vT
]
, where the square brackets refer to the zonal average, while the overbar
indicates the time mean) between 16xCO2 and control experiments occur in the tropical sector.
In fact, the thermally direct Hadley cell weakens, providing less poleward heat transport. On the
other hand, in the extra-tropics the heat transport, associated with the baroclinic eddies, is almost
unchanged.
In the sub-tropics, the surface waters on the west side of the oceans tend to be warmer than those
on the east side, whereas at high latitudes the opposite tends to occur (fig. 4a). The coupled model
is able to reproduce the main features in a realistic way (fig. 4a,b), with the extra-tropics better
simulated than the tropics. Biases are found in the Tropical Pacific Ocean where the warm pool
tends to be narrower than observed and the cold tongue extends too westward. Even the Tropical
Indian Ocean temperature is biased, as it is colder than observed. An increase in the concentration
of CO2 clearly produces a generalized warming of the surface temperature over the oceans, with
the high latitudes which warm more than the tropics (fig. 4). For instance, in the 16xCO2 experi-
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ment the ocean temperature increases up to 12◦C compared to the control experiment (fig. 4e) in
the eastern equatorial Pacific and up to 14◦C in the North Pacific. In all the perturbed CO2 experi-
ments the eastern Equatorial Pacific warms up more than the western side inducing a reduction of
the zonal gradient of SST, up to 50% in the 16xCO2 experiment.
As the CO2 increases, the Indian Ocean warms up homogeneously and the annual precipitation
increases up to 4 mm/day in the 16xCO2 experiment (fig. 5). Some continental areas, such as
the Amazon basin and the southwestern Africa experience an increase of the precipitation as well.
Near the coast of central America the Pacific Ocean experiences a decrease of the annual precip-
itation. The decrease is even stronger in the open ocean up to the date line. East of the date line,
the double Inter Tropical Convergence Zone (ITCZ) weakens, as the main peak of precipitation
south of the Equator moves north-westward. In particular, during the summer the double ITCZ
simulated by the coupled model in the control experiment completely disappears when the CO2 is
multiplied by a factor of 16 (not shown).
The total precipitation shown in fig. 5 is the sum of convective and large-scale precipitation.
In the tropics the main contribution is given by the convective precipitation, while the large-scale
precipitation is higher in the extra-tropics. In the control experiment, this distinction is clear, but
when the CO2 concentration increases their relative role changes. For instance, in the 16xCO2
experiment the large-scale precipitation in the Pacific Ocean in the band 15◦S-15◦N increases
by about 4 mm/day (not shown), while the convective component decreases by about 2 mm/day
(fig. 6). Over land (e.g. in the Equatorial Africa and in the north-western Brazil) as the CO2
increases the convection tends to increase, probably because the land warms quickly and tend to
remain warmer than the air above.
At the surface, in the tropical band between 15◦S-15◦N, the ocean is generally warmer than the
air above it (fig. 7). The positive gradient between SST and air temperature enables the loss of
sensible heat from the surface, and represents a requisite for convection to occur. In the coupled
model experiments, as the CO2 concentration increases the Equatorial Pacific Ocean experiences a
gradual change of the sign of the SST-air temperature gradient (fig. 7). In the 16xCO2 experiment
the Equatorial Indian, Pacific and Atlantic Oceans have SSTs which are colder than the air above
up to 0.8◦C in the western equatorial Pacific Ocean. In this condition the sensible heat lost from the
surface changes sign and convection is shut off as also revealed by the decrease of the convective
component of precipitation (fig. 6). In this condition, precipitation is mainly linked to the large-
scale convergence of moisture flux. In the same region, the latent heat flux released from the
ocean increases, consistently with an increased evaporation rate. The amount of evaporation and
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hence the latent heat flux depend on the difference between the saturated vapor pressure over sea
water and the actual vapor pressure in the air above sea. Warmer surface temperatures increase the
saturation vapor pressure following the Clausius-Clapeyron equation and evaporative processes
persist until the saturation is reached.
In increased CO2 conditions, the whole troposphere tends to be more stable. In particular, in
the Tropical Pacific Ocean an increase in the carbon dioxide concentration is accompanied by a
tropospheric warming (fig. 8). From the figure it seems that as the CO2 concentration increases the
tropopause becomes higher. Recently, it has been highlighted that climate models tend to amplify
changes of temperature with height in the tropics in warming conditions, following the moist
adiabatic lapse-rate (Trenberth and Smith, 2006). The warming and moistening of the troposphere
in the experiments performed are accompanied by a constant relative humidity. The result is
consistent with the prediction of state of the art GCMs and with radiosonde measurements in the
troposphere (Soden et al., 2005). The constraint of a constant relative humidity in a radiative
convective equilibrium was suggested by Manabe and Wetherald (1967).
In the present epoch, the ocean surface is colder than the air above only in special locations
where cold water is upwelled equatorward and evaporation is inhibited. In our 16xCO2 experiment
this condition is extended to all the tropics within 15◦S-15◦N (fig. 7). A reason for this may be
linked to a positive feedback involving clouds. When the CO2 atmospheric content increases, the
induced stability of the troposphere prevents water vapor to rise, inhibiting the convection and
reducing the cloud cover fraction (fig. 2b) at high levels. On the contrary, at low levels the cloud
cover fraction increases (fig. 2a) preventing a further warming of the SST which remain colder
than the air above. The decrease of convective mass flux in a warming climate has been discussed
by Held and Soden (2006) and Vecchi and Soden (2007), consistently with the increase in lower
tropospheric water vapor, relatively small changes in radiative fluxes and the slowdown of the
atmospheric overturning circulation.
Some of the features described suggest a non-linear response of the climate system to the forc-
ing applied. A similar behaviour has been documented by Boer et al. (2005), who performed a
set of experiments changing the radiative forcing in the atmosphere by increasing the solar con-
stant. It is nevertheless difficult to relate the two sets of experiments since the radiative forcing
perturbations applied in our experiments are not comparable with those used in Boer et al. (2005).
Indeed, Boer et al. (2005) increased the solar constant changing the amount of radiation entering
the atmosphere, whereas we increased the carbon dioxide concentration in the atmosphere modi-
fying the adjustment processes needed to recover from the imbalance introduced. However, both
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the results suggest that there is a threshold in the climate system response where the feedbacks
involved are modified, unless the models all lack some mechanisms.
4 Mechanisms involved in the ocean-atmosphere adjustment of the Tropical Pacific sector
As observed in the previous section, the CO2 rise introduced in the coupled model simulations
induces changes in the mean state of the tropical climate. The issue now is to understand the
mechanisms of the ocean-atmosphere adjustment responsible of those changes, focusing on the
tropical Pacific Ocean.
The heat budget averaged over the global ocean surface is supposed to oscillate around zero
if there are no trends in the temperature field. When the initial conditions are strongly perturbed
the system is far from the equilibrium, but the adjustment processes push the system toward a
constant value. The adjustment time scale is comparable in the 2xCO2 and 4xCO2 experiments
but different from the 16xCO2 experiment. At the beginning of the simulation, the more the
system is far from the equilibrium the quicker is the adjustment, but then it slows down. In the
Equatorial Pacific Ocean the equilibrium of the net surface heat fluxes is reached at a value of 79
W/m2. In the 2xCO2 and 4xCO2 experiments the adjustment in the equatorial Pacific Ocean is
quite rapid and the net heat flux tends to stabilize around the same value of the control experiment.
On the other hand, in the 16xCO2 experiment the equilibrium value is smaller than in the other
experiments and it is reached after almost 200 years of integration (not shown).
A balanced heat budget at the ocean surface is a constraint for the thermal structure of the
ocean. In particular, a decrease in heat loss in the higher latitudes may result in a deepened
thermocline (Boccaletti et al., 2004). The mean temperature vertical sections in the Equatorial
Pacific Ocean simulated by the coupled model are realistic if compared with the results of an
ocean analysis (Masina et al., 2004) (see fig. 9a-b). The simulation in normal CO2 conditions
tends to give colder temperature at the surface and a deeper thermocline in the central-west Pacific.
When the CO2 concentration increases in the atmosphere, the whole upper Equatorial Pacific
Ocean warms up (fig. 9 c-e). The warming of the subsurface waters is clearly evident following
the changes in the depth of the 20◦ isotherm (thicker black line in the picture). In the 16xCO2
experiment, the increase of the mean subsurface equatorial temperature in the eastern part of the
basin is much larger than in the western part. For instance, at a depth of 150 m the eastern Pacific
waters are about 12◦C warmer in the 16xCO2 experiment with respect to the control simulation,
while in the western basin the difference is of about 8◦C.
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The zonal average of the net surface heat fluxes in the basin considered is shown in fig. 10. In
the 16xCO2 experiment the increase of CO2 concentration is accompanied by a decrease of the
net surface heat flux gained at the Equator and by a decrease of the heat lost in the extra-tropics,
mainly in the Northern Hemisphere. In correspondence, the Equatorial Pacific Ocean warms up
either at the surface and in the sub-surface and the east-west thermocline slope appears to be
reduced in the 16xCO2 experiment. In our experiments we quantify the east-west slope as the
difference in thermocline depth between the central and eastern Equatorial Pacific where the depth
of the max(dT/dz) is chosen as a proxy of the thermocline depth. Two points in the basin have
been chosen (140◦W and 110◦W) to evaluate the thermocline slope and the results are reported in
table 1. Comparing the results of the different CO2 experiments, the thermocline slope decreases
of about 24 m from the control experiment to the 16xCO2 experiment and the isotherms tend to
flatten in the central part of the basin as the CO2 increases (fig. 9).
In the Equatorial Pacific Ocean, from the western up to the eastern side of the basin the SST
at the Equator decreases of about 0.4◦ each 10◦ of longitude in the control experiment. This
gradient tends to weaken as the CO2 increases until a decrease of 0.2◦C each 10◦ of longitude
in the 16xCO2 experiment. The zonal east-west gradient is an important factor for the air-sea
coupling (Mechoso et al., 1995). The E-W SST gradient computed as the SST difference between
170◦E and 120◦W averaged between 2◦S and 2◦N (Meehl et al., 2001) diminishes when the CO2
increases (1.4◦C in the 16xCO2 experiment compared to 2.9◦C of the CTRL).
The thermocline slope is proportional to the forcing of the zonal wind stress across the Equa-
torial Pacific Ocean (Meehl et al., 2001). In the Tropical Pacific Ocean the simulated zonal wind
stress tends to be stronger than observed, mainly along the Equator and in the north (not shown).
The annual mean zonal wind stress averaged between 2.5◦S and 2.5◦N is shown in fig. 11. In the
2xCO2 and 4xCO2 experiments, east of 140◦W the increase of the CO2 concentration produces a
modest decrease of the wind, while west of 140◦W it is accompanied by a slight intensification of
surface winds. In the 16xCO2 experiment the differences with respect to the control experiment
become significant and the position of the minimum of mean zonal wind stress is shifted westward
with respect to the control experiment. The shift toward west of the surface zonal wind is con-
sistent with the position of the maximum of SST westward with respect to the control simulation.
The weakening of the surface zonal wind stress is accompanied by a decrease in the thermocline
slope, as found in observations and simplified ocean model’s studies (Huang and Pedlosky, 2000;
McPhaden and Zhang, 2002; Boccaletti et al., 2004).
Many of the changes previously discussed (e.g. reduction of deep convection, weakening of
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surface easterlies and flattening of the thermocline in the Equatorial Pacific Ocean) are consistent
with the results found by Vecchi and Soden (2007) comparing the performance of a number of
coupled models in the simulation of the mean tropical climate in changing CO2 scenarios. The
consequences of those changes on the Tropical Pacific Ocean variability are discussed in the next
section.
5 Impact on the Tropical Pacific interannual variability
The large changes in the mean state caused by increased concentration of carbon dioxide are
supposed to affect the variability of tropical Pacific, which is dominated by ENSO. In fact, the
equatorial east-west SST gradient, zonal wind stress patterns and thermocline slope are all linked
with the El Nin˜o frequency and amplitude.
A measure of the tropical Pacific variability is given by the SST anomalies averaged in the
NINO3 (210◦-270◦E, 5◦S-5◦N) region. When the CO2 concentration is increased by a factor of
2 and 4, the standard deviation of the SSTA averaged in the NINO3 area increases (the values
are 0.56 in CTRL, 0.60 in 2xCO2 and 0.63 in 4xCO2 experiment), suggesting an increase in the
El Nin˜o amplitude. On the other hand, in the 16xCO2 experiment the standard deviation greatly
decreases (0.34) with respect to the control experiment, suggesting a weakening of El Nin˜o. Meehl
et al. (2001) have shown that models with stronger east-west gradient simulate El Nin˜o with larger
amplitudes. In the experiments performed, the E-W SST gradient and the thermocline slope de-
crease drastically in the 16xCO2 experiment, consistently with the El Nin˜o weakening.
In the control experiment the distribution of monthly SST anomalies in the NINO3 area is al-
most symmetrical around zero anomaly (not shown). In the 2xCO2 experiment there is an increase
in the occurrences of colder events (see also Timmermann et al., 1999). On the other hand in the
16xCO2 experiment the shape of the distribution becomes narrower, with most of the events be-
tween -0.5◦C and 0.5◦C, giving a further evidence of a weakened amplitude.
The El Nin˜o frequency has been correlated to the wind stress anomalies distribution. An equa-
torial wind stress which shifts westward seems to be associated with an higher frequency El
Nin˜o (An and Wang, 2000). A comparison between some coupled models XX century simula-
tions according to IPCC AR4 reveal that all the CGCMs analyzed tend to have zonal wind stress
with a meridional scale narrower and centred at a westward longitude than observed, consistently
with a simulated ENSO time-scale shorter than observed (Capotondi et al., 2006). A measure of
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the wind stress shift is given by the centre of mass defined as
C =
∫
Lx
0
τx(x)xdx∫
Lx
0
τxdx
(1)
when τx are the zonal wind stress anomalies regressed upon the NINO3.4 index and Lx is the
length of the basin at the Equator (Capotondi et al., 2006). In the CO2 experiments the computed
C moves westward with respect to the control experiment, suggesting an high-frequency ENSO
(fig. 12, where the position of the centre of mass is represented by a solid line). The NINO3.4
index is the average of monthly mean SST in the area 5◦S-5◦N, 170◦-120◦W.
To measure the frequency of ENSO it is appropriate to compute the power spectra of the NINO3
index (fig. 13, where each panel contains the power spectrum density (PSD) for each CO2 exper-
iment within 99% confidence intervals). In the control experiment, the PSD has two dominant
peaks, one at 2 years and an other at about 3 years (fig. 13a). In the 2xCO2 and 4xCO2 experi-
ments the dominant peak becomes a broad spectrum that maximizes around 2-3 years (fig. 13b,c).
The ordinate scale for the CTRL spectrum differs from the CO2 experiments because when the
CO2 concentration increases the maximum of the PSD decreases. In fact, in the 16xCO2 exper-
iment (fig. 13d) the maximum of the PSD is drastically reduced and from the distribution of the
peaks it is hard to identify a dominant frequency at interannual timescale. The decrease in the
dominant frequency is so severe in the 16xCO2 case that is very suggestive of a practical collapse
of the interannual variability.
The changes observed in the mean state and described in section 3, as well as the discussion of
section 4, about the mechanisms involved, suggest the conclusion that a world with high carbon
dioxide concentration produce a mean state with some characteristics which suggest the estab-
lishment of permanent warm conditions that look like the peak of El Nin˜o (e.g. the reduction
of the east-west temperature gradient, the weakening of the easterlies and the flattening of the
thermocline in the Equatorial Pacific Ocean).
6 Conclusions
The concept of climate sensitivity assumes that climate response is approximately proportional to
radiative forcing, but yet not much is known about the range of forcing under which such a view
is reasonable. In fact, the response of the climate system to strong forcing is still under debate.
Understanding the main processes involved in strong forcing regimes might lead to interesting
paleoclimate applications.
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The ocean-atmosphere adjustment in extreme CO2 conditions has been studied by means of
sensitivity experiments integrated with a coupled general circulation model with interactive ice.
The motivation that inspired this study is the understanding of the adjustment processes in extreme
CO2 conditions and not the simulation of the climate under realistic future scenarios. The starting
idea of this study is that a strong perturbation in the heat fluxes may induce large changes at the
ocean-atmosphere interface, as well as in the thermal structure of the ocean and the troposphere.
In this context, a control simulation experiment with present-day values of carbon dioxide concen-
tration has been compared with experiments in which the CO2 concentration has been multiplied
by a factor of 2, 4 and 16.
The annual mean state simulated in extreme CO2 conditions is characterized by a general warm-
ing of both ocean and atmospheric temperatures. The 16xCO2 simulation exhibits a particularly
large response. The normal unstable condition with the ocean surface warmer than the air above,
which is a requisite for convection to occur, changes to a mean state with the ocean surface colder
than the air above in the tropical band of both Pacific and Indian Oceans. In those conditions, the
atmosphere is more stable and the convection is suppressed: the mean total precipitation appears
to be the result of large-scale moisture flux even in the tropics. The increased stability of the sur-
face is accompanied by a more stable troposphere even at higher levels. The vertical profile of
the atmospheric temperature is indeed characterized by an enhanced warming in the upper tropo-
sphere in the sensitivity experiments with respect to the control simulation. The stability of the
upper troposphere is accompanied by a decrease in the high level clouds and an increase at low
levels which prevents SST to further warm keeping them colder than the air above.
In the ocean, both surface and sub-surface waters are warmer than in the control simulation.
The eastern and western sides of the tropical Pacific Ocean behave differently. At the surface,
the zonal SST gradient between eastern and western Pacific Ocean decreases, up to 50% in the
16xCO2 experiment compared to the control experiment. Similarly, in the sub-surface the eastern
waters warm more than the western one as the warming extends deep in the ocean (for instance the
20◦C isotherm lies below 200 m) preventing cold waters to upwell in the east. The thermocline
slope in the 16xCO2 experiment decreases of about 24 m with respect to the control simulation,
consistently with a decreased surface zonal wind stress.
The analysis of the interannual variability in the Eastern Equatorial Pacific Ocean by means of
the NINO3 SSTA index shows that, in the experiments where the CO2 concentration is increased
by a factor of 2 and 4, there is an increase of the standard deviation of the index up to 12%.
On the other hand, in the experiment where the CO2 concentration is increased by a factor of 16
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the standard deviation of the NINO3 index decreases of about 40% with respect to the control
experiment, suggesting a weakening of the tropical variability.
The changes in the characteristics of El Nin˜o together with the analysis of the mean state of the
ocean in the Tropical Pacific sector suggest the possibility of the establishment of permanent warm
conditions that look like the peak of El Nin˜o, with weaker easterly winds, smaller temperature
gradient at the Equator between the eastern and western Pacific Ocean and a flatter thermocline.
Similar permanent warm conditions were present approximately three million years ago, even if
in that period the CO2 concentration was similar to present-day value (Fedorov et al., 2006). One
of the mechanisms discussed by Fedorov et al. (2006) to explain the Pliocene warm conditions
imply a reduced poleward heat transport associated with a sufficient large freshening in the extra-
tropics. Our findings are in line with those results as we observed a smaller globally averaged
ocean heat transport and a decreased heat loss at high latitudes. Nevertheless, the fact that we
obtained Pliocene similar permanent warm conditions in the tropics with a much higher CO2
concentration suggest the possibility that the state of the art coupled models might miss some
important feedbacks and are not yet able to reproduce a climate state similar to the one present
during the Pliocene.
The results of this study reveal a non-linear sensitivity of the dynamics in the tropical and
extra-tropical regions to the increase in the carbon dioxide concentration imposed in the analyzed
experiments. The correspondence between our results and previous findings (e.g. Boer et al.,
2005; Vecchi and Soden, 2007) is not enough to exclude the possibility of a dependence on the
parameterizations implemented within the model used (e.g. convection and radiation schemes).
Increased low cloud cover with increased CO2 concentration has been associated to an increased
stability of the lower troposphere, in agreement with previous analysis (Vecchi and Soden, 2007).
Nevertheless, cloud cover schemes are still the largest source of uncertainty in current climate
models (Soden and Held, 2006).
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Tables
CTRL 2×CO2 4×CO2 16×CO2
110◦W 65 65 65 45
140◦W 129 129 117 85
140◦W minus 110◦W 64 64 52 40
Table 1. Depth (m) of the maximum of dT/dz at 110◦W and 140◦W in the Equatorial (2.5◦S and 2.5◦N)
Pacific Ocean.
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Figure Captions
Fig. 1. Annual mean net surface heat flux (W/m2), computed as SWR (Short Wave Radiation) + LWR
(Long Wave Radiation) + SHF (Sensible Heat Flux) + LHF (Latent Heat Flux), for the observations (a) and
the control experiment (b). Annual mean net surface heat fluxes differences (W/m2): 2xCO2-CTRL (c),
4xCO2-CTRL (d), 16xCO2-CTRL (e). The thick black line in all the panels is the 0 contour.
Fig. 2. Annual mean of zonally averaged cloud cover fraction at (a) 850 mb and (b) 150 mb for CTRL and
CO2 experiments (see legend within each panel).
Fig. 3. Annual zonal mean net surface heat flux (W/m2) averaged over the global ocean (a) and SST (b).
Global ocean heat transport (c) and global atmosphere heat transport (d) in CTRL and CO2 experiments
(see legend within each panel). SST is measured in ◦C and heat transports in PW. The global atmosphere
heat transport is computed as
[
vT
]
where the square brackets refer to the zonal average, while the overbar
indicates the time mean.
Fig. 4. Annual mean sea surface temperature (◦C) in the HadISST dataset (a) and in the CTRL experiment
(b). Panels in the right report the differences with respect to the CTRL of (c) 2xCO2, (d) 4xCO2 and (e)
16xCO2 experiments. In the right panels the differences have been scaled to the global mean difference
reported in the top of each panel. The negative values do not correspond to a cooling but to the departure of
the differences from the global mean difference with respect to the CTRL experiment. The thick black line
in the right panels is the 0 contour.
Fig. 5. Annual mean total precipitation (mm/day) in the control experiment (a). Differences from CTRL in
(b) 2xCO2, (c) 4xCO2 and (d) 16xCO2 experiments.
Fig. 6. Annual mean convective precipitation (mm/day) in the CTRL experiment (a). Differences from the
CTRL in (b) 2xCO2, (c) 4xCO2 and (d) 16xCO2 experiments.
Fig. 7. Annual mean SST minus temperature at 2 m (◦C) averaged in the 15◦S-15◦N band in CTRL and
CO2 experiments (see legend within the picture).
Fig. 8. Annual mean atmospheric temperature in the Tropical (averaged between 15◦S and 15◦N) Pacific
Ocean in CTRL and CO2 experiments (see legend within the picture).
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Fig. 9. Annual mean of temperature sections (◦C) in the Equatorial (between 2.5◦S and 2.5◦N) Pacific
Ocean for (a) the ocean analysis, (b) CTRL, (c) 2xCO2, (d) 4xCO2 and (e) 16xCO2 experiment.
Fig. 10. Annual mean net surface heat flux (W/m2) averaged in the Pacific Ocean for CTRL and CO2
experiments (see legend within the picture).
Fig. 11. Annual mean zonal wind stress (N/m2) averaged in the Equatorial (2.5◦-2.5◦N) Pacific Ocean for
CTRL and CO2 experiments (see legend within the picture).
Fig. 12. Zonal wind stress monthly mean anomalies regressed upon the NINO3.4 index (10−3 Pa/◦C) in
the control experiment (a), 2xCO2 experiment (b), 4xCO2 experiment (c) and 16xCO2 experiment (d). The
thick black line indicates the longitude of the centre of mass (see definition in the text), which exact position
is specified in the bottom of the corresponding panel.
Fig. 13. Power spectrum density (PSD) of monthly mean NINO3 SST for CTRL (a), 2xCO2 (b), 4xCO2
(c) and 16xCO2 (d) experiments. The PSD is computed by means of the Thomson multitaper method and
the 99% confidence intervals of each spectrum (thin lines) computed through a chi-square approach are
included in each panel. The dashed line corresponds to the PSD of a first order auto-regressive model fitted
on the data. The peaks above the dashed line are indicative of a difference from a red-noise process.
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Figures
Fig. 1. Annual mean net surface heat flux (W/m2), computed as SWR (Short Wave Radiation) + LWR
(Long Wave Radiation) + SHF (Sensible Heat Flux) + LHF (Latent Heat Flux), for the observations (a) and
the control experiment (b). Annual mean net surface heat fluxes differences (W/m2): 2xCO2-CTRL (c),
4xCO2-CTRL (d), 16xCO2-CTRL (e). The thick black line in all the panels is the 0 contour.
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Fig. 2. Annual mean of zonally averaged cloud cover fraction at (a) 850 mb and (b) 150 mb for CTRL and
CO2 experiments (see legend within each panel).
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Fig. 3. Annual zonal mean net surface heat flux (W/m2) averaged over the global ocean (a) and SST (b).
Global ocean heat transport (c) and global atmosphere heat transport (d) in CTRL and CO2 experiments
(see legend within each panel). SST is measured in ◦C and heat transports in PW. The global atmosphere
heat transport is computed as
[
vT
]
where the square brackets refer to the zonal average, while the overbar
indicates the time mean.
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Fig. 4. Annual mean sea surface temperature (◦C) in the HadISST dataset (a) and in the CTRL experiment
(b). Panels in the right report the differences with respect to the CTRL of (c) 2xCO2, (d) 4xCO2 and (e)
16xCO2 experiments. In the right panels the differences have been scaled to the global mean difference
reported in the top of each panel. The negative values do not correspond to a cooling but to the departure of
the differences from the global mean difference with respect to the CTRL experiment. The thick black line
in the right panels is the 0 contour.
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Fig. 5. Annual mean total precipitation (mm/day) in the control experiment (a). Differences from CTRL in
(b) 2xCO2, (c) 4xCO2 and (d) 16xCO2 experiments.
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Fig. 6. Annual mean convective precipitation (mm/day) in the CTRL experiment (a). Differences from the
CTRL in (b) 2xCO2, (c) 4xCO2 and (d) 16xCO2 experiments.
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Fig. 7. Annual mean SST minus temperature at 2 m (◦C) averaged in the 15◦S-15◦N band in CTRL and
CO2 experiments (see legend within the picture).
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Fig. 8. Annual mean atmospheric temperature in the Tropical (averaged between 15◦S and 15◦N) Pacific
Ocean in CTRL and CO2 experiments (see legend within the picture).
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Fig. 9. Annual mean of temperature sections (◦C) in the Equatorial (between 2.5◦S and 2.5◦N) Pacific
Ocean for (a) the ocean analysis, (b) CTRL, (c) 2xCO2, (d) 4xCO2 and (e) 16xCO2 experiment.
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Fig. 10. Annual mean net surface heat flux (W/m2) averaged in the Pacific Ocean for CTRL and CO2
experiments (see legend within the picture).
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Fig. 11. Annual mean zonal wind stress (N/m2) averaged in the Equatorial (2.5◦-2.5◦N) Pacific Ocean for
CTRL and CO2 experiments (see legend within the picture).
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Fig. 12. Zonal wind stress monthly mean anomalies regressed upon the NINO3.4 index (10−3 Pa/◦C) in
the control experiment (a), 2xCO2 experiment (b), 4xCO2 experiment (c) and 16xCO2 experiment (d). The
thick black line indicates the longitude of the centre of mass (see definition in the text), which exact position
is specified in the bottom of the corresponding panel.
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Fig. 13. Power spectrum density (PSD) of monthly mean NINO3 SST for CTRL (a), 2xCO2 (b), 4xCO2
(c) and 16xCO2 (d) experiments. The PSD is computed by means of the Thomson multitaper method and
the 99% confidence intervals of each spectrum (thin lines) computed through a chi-square approach are
included in each panel. The dashed line corresponds to the PSD of a first order auto-regressive model fitted
on the data. The peaks above the dashed line are indicative of a difference from a red-noise process.
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